Mantle plume activity and lithospheric folding by far-field stresses exerted from plate boundaries are two important end-members as mechanisms for continental intraplate deformation. The topographic expression of mantle plume impingement on continental lithosphere and lithospheric folding has some striking similarities. Observations from a number of areas in Europe's intraplate lithosphere demonstrate that these mechanisms commonly interact in space and time. We present the results of thermomechanical modelling addressing the role of factors such as the presence of a hot upper mantle, the spatial dimensions of the plume and the time constants involved in the temporal succession of plume activity and lithospheric folding by stress accumulation in intraplate continental lithosphere. The results demonstrate that both the processes, plume-lithosphere interactions and folding may interact resulting either in strong amplification, attenuation or modification of their surface expression. These inferences are compatible with a number of key observations on the nature and the temporal succession of topography evolution in the Alpine foreland, the Pannonian Basin, the Scandinavian continental margin and the Iberian Peninsula.
I N T RO D U C T I O N
Over the last few years a series of mechanisms have been proposed for the creation of anomalous continental topography in plate interiors Cloetingh et al. 2005; Allen & Davies 2007) . These include mantle-convection with time-dependent upper mantle flow and the potential effects of the rheological stratification of the lithosphere (Schmeling & Marquart 1990 , megaplumes, commonly considered as a cause for large-scale continentwide tilting and vertical motions (Mitrovica et al. 1989; LithgowBertelloni & Gurnis 1997; van Keken 1997; Jellinek et al. 2003) and magmatic underplating often advocated as a cause for large-scale uplift and volcanism in rifted margin settings (Clift 1999; Skogseid et al. 2000) . Many observations exist, however, for regional-scale intraplate deformation of periodic and punctuated nature, frequently linked in time and space to plate-tectonic reorganizations in oceanic spreading patterns, continental breakup and temporal changes in plate convergence rates and directions (Ziegler et al. 1998) .
At regional scale, folding and plume-lithospheric interactions (PLIs, Fig. 1 ) appear to be both important mechanisms for periodic intraplate deformation operating on timescales of 1-20 Ma. Although both have received much attention in the last few years (e.g. Burov & Guillou-Frottier 2005; Burov et al. 2007; Cloetingh & TOPO-EUROPE Team 2007) , many controversial interpretations remain (Foulger et al. 2000; Lustrino & Carminati 2007) , both in terms of modelling concepts and observations. As was pointed out by Burov et al. (2005 Burov et al. ( , 2007 , PLI in continental domains may result in periodical surface undulations with several characteristic wavelengths: 50-100 km, 150-200-300 km and 400-500 km. These wavelengths are much smaller than those commonly inferred for PLI (∼1000 km). The wavelength reduction or modulation, and its multiharmonic character result from a pronounced rheological stratification of the continental lithosphere that serves both as a damper, which reduces plume impact due the presence of a viscous crustal channel, and as a wavelength converter for the plume 'signal' (Fig. 1a) . Upon its emplacement, the plume head exerts flexural deformation in the overlying plate, as well as basal shear and traction, which result in development of mechanical instabilities. Such instabilities systematically develop in stratified media with strong rheological contrasts (strong upper crust-weak ductile upper cruststrong intermediate crust-weak ductile intermediate crust-strong lower crust-weak ductile lower crust-strong mantle lithosphere, etc.). The characteristic wavelengths of this deformation are proportional to 4-10 thicknesses of the respective competent layers in the crust and mantle, and have little to do with the wavelength of the applied load (plume). Weak ductile channels formed by the lower or intermediate crust in thermally young lithospheres (<300-500 Ma old) may be quite thick (10-20 km) , with viscosities as Figure 1 . (a) Sketch of plume-lithosphere interaction. The conventional models (left-hand panel) predict only long-wavelength (controlled by the plume head size) isostatic topography due to plume impact. Accounting for plate rheology and multilayer lithosphere structure (right-hand panel) yields a more complex response, with several short-wavelengths generated by intraplate deformation, tectonic-style deformation at surface and strong lithosphere mantle erosion at depth. In that case, the short wavelengths are controlled by the thickness of the lithosphere and intralithospheric layers, not by the plume head size. (b) Llithospheric folding. Left-hand panel: Sketch showing that the multilayer structure of the lithosphere (causing crust-mantle decoupling) may result in several wavelengths of folding controlled by thicknesses of the lithosphere as a whole and of various intralithospheric layers: mantle lithosphere, upper or intermediate crust and so on. Interaction between the stiff layers may also produce some intermediate wavelengths. Right-hand panel: Example of previous numerical experiments on 'decoupled' folding from Cloetingh et al. (1999) that demonstrate that superposition of mantle (long-wavelength) and crustal (shorter wavelength) folding may yield two different characteristic wavelengths at surface. low as 10 20 -10 21 Pa s (e.g. Avouac & Burov 1996) . Such channels may mechanically fully or partly decouple mantle and crustal deformation; specifically it may damp vertical undulations (<2 km) of the mantle layer caused by a plume. The predicted surface wavelengths fall in the range that is more commonly referred to tectonicscale deformation, in particular continental lithosphere folding (e.g. Burov et al. 1993; Cloetingh et al. 1999 ). Damping will not occur only in cases without mechanical stratification [old continental plates (>500 Ma), strong lower crustal composition (e.g. dry diabase, oceanic plates]. These circumstances have been discussed in Guillou-Frottier et al. (2007) who have pointed out that folding and plumes can yield similar surface expressions for most continental plates (Fig. 1a) . In fact, geological evidence exists in a number of areas for a succession in time of plume activity and folding (e.g. Cloetingh et al. 1999) . The conventional definition for plumes deals with a localized Rayleigh-Benard instability originating from the lower mantle, more or less constantly fed by the material coming from great depths to the surface. It should be noted that the plume size has a strong influence on the weakening of the overlying continental lithosphere (Burov & Guillou-Frottier 2005) . Many researchers have drawn attention to the association of plume activity and magmatic activity (e.g. Wilson & Patterson 2001) .
In this paper, we investigate a number of scenarios with the aim to quantify the possible interaction in space and time between both mechanisms (Fig. 1a) . To that aim we explore end-member cases of folding and plume activity as well as scenarios where plume activity is followed by folding and vice versa. In this context, we quantify strain and stress patterns characteristic for intraplate deformation as well as other diagnostics characterizing the surface expression. We compare the model inferences with observations for a number of areas (Fig. 2a) where evidence exists for plume-folding interaction including the Alpine foreland, the Pannonian basin, the Scandinavian continental margin and the Iberian Peninsula.
Over the last few years, the results from seismic tomography have been crucial in arguments pro and contra the presence of plumes (see Barth et al. 2007 , for a review). This applies in particular to the depth Figure 2 . (a) Distribution of present-day integrated lithospheric strength of Europe (after Cloetingh et al. 2005; Tesauro et al. 2007 ) with areas affected by plume and folding activity: (1) Norway (Rohrmann et al. 2002; Smelror et al. 2007) ; (2) British Isles (Arrowsmith et al. 2005) ; (3) Pannonian basin (Cloetingh et al. 1999; Gemmer & Houseman 2007) ; (4) Eifel (Ritter et al. 2001) ; (5) Massif Central (Granet et al. 1995) ; (6) Iberia (Cloetingh et al. 2002; de Vicente et al. 2007) ; Morocco (Babault et al. 2008; Ghorbal et al. 2008 ; not shown on the map). High-strength areas in the lithosphere basically generate larger wavelengths of deformation than weaker areas. (b) Tomographic cross-sections through some areas of intraplate Europe displaying evidences for upper mantle perturbations. Top panel: Results of local tomography imaging of a 'baby' plume under the Eifel area (Ritter et al. 2001) . Middle panel: regional tomographic cross-section corrected for crustal thickness variations (Tesauro et al. 2008 ) through the Massif Central area (Koulakov et al. 2009 ) with low-velocity upper mantle anomaly below the Massif interpreted by Granet et al. (1995) as baby plume. Bottom panel: Regional tomographic cross-section through the Pannonian basin showing a wide anomalous upper mantle area with low seismic velocities (Wortel & Spakman 2000) . extent of the inferred upper mantle low-velocity anomalies and their connection with the lower mantle (e.g. Goes et al. 1999; Foulger et al. 2000; Thybo & Anderson 2006) . At the same time there appears to be growing consensus on the occurrence of strong lateral heterogeneity in the upper mantle underlying for example the European continental lithosphere (e.g. Goes et al. 2000; Wortel & Spakman 2000; Ritter et al. 2001; Piromallo & Morelli 2003; Koulakov et al. 2009, see Fig. 2b ).
The presence of relatively hot upper mantle has been inferred for a number of areas making part of the European Cenozoic rift system (Dèzes et al. 2004) , basins created by Neogene backarc extension in the Alpine/Mediterranean area such as the Tyrrhenian Sea and the Pannonian Basin, but also for realms of the Northern Atlantic, including the Southern part of Scandinavia and the British Isles (Arrowsmith et al. 2005) . Another striking feature affecting the connection between deep Earth processes and surface topography in continental Europe (Cloetingh & TOPO-EUROPE team 2007) appears to be the presence of baby plumes imaged by local tomography studies in the Eifel area of Germany (Ritter et al. 2001, Fig. 2b ) and the French Massif Central (Granet et al. 1995; Koulakov et al. 2009, see also Fig. 2b) . As has been shown by quantitative modelling of the thermomechanical structure of the European lithosphere Tesauro et al. 2007) , the presence of a relatively hot upper mantle under large areas in Western and Central Europe has led to the presence of a relatively weak lithosphere, which renders this area prone to present-day deformation under the influence of stress fields generated at Europe's plate boundaries. This is in marked contrast with the inferred presence of strong lithosphere in the Eastern European Platform, underlain by a thick lithosphere and a cold upper mantle. The differences between the two segments of Europe's intraplate lithosphere located west and east of the Tornquist-Teisseyre line is also manifested in the spatial distribution of seismicity and inferences on rigidity inferred from gravity studies (Pérez-Gussinyé & Watts 2005) , residual mantle gravity anomalies (Tesauro et al. 2007) and Vp/Vs ratios (Artemieva et al. 2006) .
Simultaneously with the accumulating evidence for a thermally perturbed upper mantle under Western and Central Europe, a large data base has been build up on the intraplate stress field distribution affecting Europe's lithosphere from focal mechanism studies, borehole break-outs and neotectonic field studies (World Stress Map 2007) . These studies have demonstrated a close link between stresses in the plate interior and plate boundary forces exerted at the plate margins. These findings are corroborated by results from numerical studies (e.g. Golke & Coblentz 1996; Jarosiński et al. 2007) highlighting also second order contributions to the stress field distribution from spatial variations in plate rigidity, thermal perturbations in the upper mantle and body forces induced by topographic anomalies (e.g. Bada et al. 1998 ).
It appears that areas such as the Nortwestern European foreland, the Pannonian basin, the continental margins of the Northern Atlantic and Central and Western Iberia are presently under the influence of intraplate compression, largely as a result of Africa/Europe convergence and Atlantic ridge push. With a lithosphere characterized by relatively low strength due to a weak mantle lithosphere as inferred for the Pannonian Basin and most of the European Cenozoic Rift System, stresses appear to be close to limits required to lead to lithospheric failure by compressionally induced folding of the lithosphere.
A number of numerical (e.g. Burov et al. 1993; Burov & Molnar 1998; Cloetingh et al. 1999 Cloetingh et al. , 2002 and analogue tectonic experiments (e.g. Sokoutis et al. 2005; Dombrádi et al. 2008; Fernández-Lozano et al. 2008) as well as an extensive set of observational studies (e.g. LeFort & Agarwal 1996; Bourgeois et al. 2007; Ziegler & Dèzes 2007 ) have provided support for this mechanism as a prime control on neotectonics of Central Asia, the NW European foreland, the Pannonian Basin and Iberia.
In a recent study Guillou-Frottier et al. 2007 ), we have drawn attention to some striking similarities in the topographic expression for these two end-member processes in continental intraplate deformation. Below we will examine their interplay through a set of numerical modelling experiments carried out in detailed comparison with a large body of geological and geophysical constraints.
Key questions addressed will be the relative effectiveness of amplification by folding of plume-induced lithosphere deformation and topography and vice versa and the response times and timelags involved. Another question is whether 'baby' plumes are more efficient in localizing deformation than large plumes. A typical feature of plume-affected folding appears to be acceleration of surface uplift (folding goes into saturation when plastic hinges form at the inflexion points of the folds). As will be demonstrated, for the discrimination of plumes and folding it is key to access constraints on presence or absence of radial versus linear symmetry, heat flow anomalies, gravity and geoid data. Important in this respect is, for example, the role of hot lithosphere in localizing deformation in passive rifted continental passive margins (Scheck-Wenderoth & Maystrenko 2008) and backarc basins (Horváth & Cloetingh 1996; Cloetingh et al. 2006) . Another factor examined is the effect of differences in convergence rates. In this context, it should be noted that areas such as the Pannonian Basin (Grenerczy et al. 2005 , see also Cloetingh et al. 2007) , the Northwestern European foreland (Dèzes et al. 2004; Tesauro et al. 2005) , Iberia (Cloetingh et al. 2002; Fernández-Lozano et al. 2008) and Morocco (Babault et al. 2008 ) are located at different distances from the Africa-Europe Plate boundary. The areas examined allow an examination of the effect of differences in thermomechanical age of the lithosphere and their consequences for the onset of the deformation and the wavelength of the induced topography. The models and their comparison with data also enable a quantification of the deformation versus time.
O B S E RVAT I O N S
Inspection of the topographic/GTOPO30 map of an area spanning from the Northern Atlantic to Northern Africa and from the North/Central Atlantic to the East European platform demonstrates the existence of major differential intraplate topography, closely associated with ongoing vertical motions. A comparison with the spatial distribution of present-day lithospheric strength Tesauro et al. 2007, Fig. 2a) suggests that the intraplate seismicity of Europe appears to be primarily localized along preexisting weakness zones such as the European Cenozoic Rift System, marked by thinned crust (Tesauro et al. 2008) or areas with anomalous topography such as Southern Norway (Rohrmann et al. 2002) .
The spatial variations in lithospheric strength and crustal thickness are constrained by a dense coverage by geophysical observations. At the same time, for many of the areas where present-day intraplate deformation occurs, seismological and geochemical evidence exists for a relatively hot upper mantle (e.g. Hoernle et al. 1995; Goes et al. 2000; Pilidou et al. 2005) and/or thinned lithosphere .
As pointed out above, the record of intraplate deformation of the lithosphere of Europe and surrounding areas allows to examine a spectrum of plume and folding interactions. For example, the southern Norwegian continental rifted margin appears to have been affected by a large deep-seated plume emplaced during continental break-up (Skogseid et al. 2000) followed by several phases of compressional deformation (Doré et al. 2000; Lundin & Dore 2002) . Seismic tomography (Arrowsmith et al. 2005) has demonstrated the occurrence of relatively hot upper mantle under the British Isles in conjunction with areas of low gravity, overprinted by present-day compression (Bott & Bott 2004) . The Pannonian Basin of Central Europe was affected by plume activity and the emplacement of a hot astenosphere followed by late stage compressional reactivation within 20 Myr after backarc extension (Horvath et al. 2006) .
The Alpine foreland of northwestern Europe, in particular the Eifel area and the French Massif Central also experienced an interplay of Neogene emplacement of baby plumes (Granet et al. 1995; Ritter et al. 2001 ) and lithospheric folding (Bourgeois et al. 2007; Ziegler & Dèzes 2007 ).
The Iberian microplate (Cloetingh et al. 2002; De Vicente et al. 2007 ) and the adjacent areas of the Gulf of Cadiz (Zittelini et al. 2009 ) and the Atlas mountains of Morocco (Missenard et al. 2006) have experienced lithospheric folding and a variable degree of asthenospheric upwelling during Cenozoic convergence of Africa and Europe in the near field of the collision zone . Constraints on the timing and prime features of intraplate deformation in these areas and a summary of data on thermomechanical ages of the lithosphere at the onset of plume activity are provided in Table 1. A comparison with cratonic cases is not straightforward as their areal extent is limited in Western and Central Europe, apart from craton-like cases such as the Paris Basin (Robin et al. 2003) . We, therefore, refer for a comparison to cratonic Australia, Africa, Northern America, Siberia, the Russian craton and the Scandinavian shield. Of these, one of the most prominent cases of intraplate deformation is presented by the Central Australian craton (Stephenson & Lambeck 1985) . For end-member plume cases we refer to Northern and Eastern Africa (e.g. Burov et al. 2007; Guillou-Froittier et al. 2007) .
It should be noted that widespread evidence exists for previously inverted basins locked in folding (see Cloetingh & van Wees 2005) , such as for example the Ferghana basin in Central Asia (thermomechanical age 150 Ma, convergence rate: 2.5 cm yr −1 ; Burov & Molnar 1998) and the Pannonian Basin: 30 Ma (Alpine thickening event, Oligocene thickening).
P L U M E -L I T H O S P H E R E I N T E R A C T I O N S A N D F O L D I N G O F C O N T I N E N TA L L I T H O S P H E R E : P H Y S I C A L F R A M E W O R K

Plume-lithosphere interactions
The physical aspect of the mantle plume concept includes upwelling of low density, high temperature and low viscosity mantle material separated from large-scale convective motions (e.g. Sleep 2006 ). This upwelling, if continuously fed from a deeper source area, can form a «superplume», that is, a persisting diapir of very large scale coming from the D boundary (e.g. Condie et al. 2000; Romanowicz & Gung 2002) . There may be also smaller scale diapirs originating from different depths (Courtillot et al. 2003; Montelli et al. 2004; Ritter 2005) . In many situations, a Newtonean plume tail may stay connected to its 'mushroom' head for quite a long time after the plume head emplacement, but for more appropriate non-Newtonean rheologies (e.g. Davies 1994; Trompert & Hansen 1998 ) the plume can also ascend in chaotic or pulsating regimes characterized by high ascent rates, which may result in loss of the plume tail, and, hence, in interruption of its material supply from the source region. The resulting thermomechanical consequences for surface geodynamics and geology appear to be largely dependent on the chosen model (structural, thermal and mechanical regimes) of the lithosphere (Burov & Guillou-Frottier 2005; Burov et al. 2007) .
We assume that the plume ascent in a depth interval d-h is driven by a density contrast ρ, which maximal value (at the bottom) is ρ max :
where d is the depth to the bottom of the mantle, h is the depth to the bottom of the lithosphere, ρ p is the density of plume material at embedding temperature at depth d and T max is the difference between temperatures of plume material and surrounding mantle 
Massif Central Arrowsmith et al. (2005) at depth h, and ρ ch is the chemical density contrast (we assume a median value of 10 kg m −3 (e.g. Schubert et al. 2001) . ρ is not constant because the plume cools down when it ascends, and because the temperature of the surrounding mantle increases with depth. Rapidly ascending plumes (high Péclet numbers) will not strongly cool conductively, and, even if one takes into account the effect of decompression cooling (Herzberg 1995) , the temperature contrast between the plume and the ambient mantle upon its arrival at the bottom of continental lithosphere rather increases than decreases.
Even for such a small and by present time thermally relaxed plume such as Massif Central plume, Sobolev & Babeyko (1994) and Sobolev et al. (1997) find a temperature plume anomaly below the lithosphere with average potential temperature of 1700
• C or, more importantly, '200-250
• C higher than the average temperature of the upper mantle'. The maximal thermal anomaly should be higher than 200-250
• C since seismic data provide averaged estimates. Since this plume event is not that recent, the temperature of the flattened plume head upon its emplacement could be couple of hundred degrees higher than its actual temperature.
Hence, taking also into account the increase of the coefficient of thermal dilatation with decreasing depth (e.g. Schubert et al. 2001) , the plume density contrast and thus driving buoyancy force basically grow with decreasing depth resulting in acceleration of the plume ascent rate at shallow depths. Under adiabatic conditions, the viscosity of the subasthenosphere mantle increases with depth due to the growing pressure and changes in the mineralogical composition. This also contributes to the increase of the plume ascent rate with decreasing depth.
In non-Newtonian fluids, a very small variation in buoyancy forces results in a strong variation in the plume (diapir) ascent behaviour and in the way the plume head spreads below the lithosphere (e.g. Weinberg & Podladchikov 1994; d'Acremont et al. 2003; Burov & Guillou-Frottier 2005) . For equivalent body forces, this ascent may be orders of magnitude faster than that for a Newtonian fluid. It is noteworthy that non-Newtonian behaviour is restricted to 'cold' deformation characterized by high effective viscosities and deviatoric stresses in excess of several MPa. Such stresses can be produced only in the mantle above and near the bottom of the lithosphere. Hence, non-Newtonian behaviour controls only the final emplacement of the plume head and the lithosphere. The deeper mantle is likely to be controlled by low-stress Newtonian diffusion creep, which linearly depends on the differential stress. For this reason we use a constant minimal viscosity cut-off in the model (see Section 4.4). Schmeling & Marquart (1990 have previously shown that the effect of loading a continental lithosphere from below (plume head impingement) on topography may be strongly influenced by the rheological stratification. These authors have found and quantified this effect, as well as the time-dependence of topography due to time-dependent upper mantle flow. However, the effect of stratified viscoelastoplastic properties and free surface was not yet treated in numerical models of PLI. Till now, the consequences of plume head-continental lithosphere (PH-CL) interactions are mainly derived from conventional models of viscous mantle convection (e.g. Farnetani & Richards 1994; Sleep 1997 Sleep , 2003a Sleep ,b,c, 2006 Cserepes et al. 2000) . In terms of lithospheric response, the predictive power of these fluid dynamics models is limited because they do not adequately account for a stratified viscoelastoplastic lithosphere. In common convection models (e.g. Doin et al. 1997) , the lithosphere is considered as a thin viscous or quasi-viscous layer with an undeformable surface. Although this assumption is acceptable for oceanic plates, the continental lithosphere cannot be regarded as a thin layer because its thickness (150-300 km) constitutes 50-90 per cent of the thickness of the convective part of the upper mantle (350-500 km). In contrast with oceanic lithosphere, continental lithosphere is highly stratified as it is composed of a 30-70 km thick highly buoyant crust, which is quartz-rich, and a 60-250 km thick negatively or neutrally buoyant mantle layer of basic composition (olivine). The crust also counts several layers including brittle-elastic upper crust, brittle-ductile elastic middle and elasticductile lower crust. Due to the presence of quartz-rich aggregates, the lower crust may have a viscosity (e.g. Kirby & Kronenberg 1987) as low as 10 20 -10 21 Pa s below 15-20 km depth (250-400 • C). Consequently, the high viscosity (mainly brittle) upper crust is mechanically decoupled from the strong olivine-rich lithospheric mantle, in which ductile creep is activated at high temperature (750-800
• C). As a consequence of the crust-mantle decoupling, mantle deformation due to plume head impingement may produce only a moderate or strongly modulated impact on surface deformation. According to recent studies, the presence of a thick stratified viscoelastoplastic continental lithosphere may substantially alter the surface expression of PLIs (Burov & Guillou-Frottier 2005; Burov et al. 2007; Guillou-Frottier et al. 2007, Fig. 1a) . Indeed, conventional monolayer models of PLI predict long-wavelength deformation with dynamic surface topography of 1-1.5 km (e.g. Ribe & Christensen 1994 ). This prediction stems from the assumption that vertical undulations of the lithosphere-mantle boundary are directly translated to the surface. This assumption is highly questionable for continents because 1.5 km vertical displacements of the mantlelithosphere boundary can be accommodated within a 15-30 km thick ductile lower crustal layer while the other (viscoelastic or viscoelastoplastic) layers can relax plume-related stresses over significant periods of time (up to 10 Myr). Basically, with this rheological layering, the surface topography will not simply replicate the topography of the mantle-lithosphere boundary. In addition, mechanical decoupling between the crust and mantle and the dependence of bending stresses on yield stress and plate curvature result in lateral variations of integrated plate strength and tension-compression instabilities that may yield short-wavelength topography (Burov & Diament 1995; Burov & Guillou-Frottier 2005) .
Large-scale folding
Folding is a characteristic unstable deformation that may develop in stratified media with significant competence contrasts, such as the lithosphere, in response to horizontal loading (Biot 1961; Ramberg 1961 ). These instabilities may develop under compression or basal shear as a result of strain-stress incompatibility on the interfaces of the mechanical layers of different strength. At the initial stages of deformation, compression instabilities lead to appearance of periodic folds with an exponential growth rate and a dominating wavelength, λ, roughly proportional to 5-10 times the thickness(es) of the competent core(s) within the lithosphere, h (h = 10-100 km, i.e. λ = 50-1000 km). 'Biot's,' or linear, folding encompasses the cases where compression of the lithosphere takes place from the beginning, leading to the formation of alternating basins and highs, and where the conditions of the linear theory are more or less satisfied (thin layer approximation, no strain-softening, plain layers, etc.). In the case of linear folding in a Newtonian medium, an asymptotic relation derived from the thin layer equilibrium equation is quite simple (Biot 1961; Ramberg 1961) :
Here λ l is the 'Laplacian' dominant wavelength of folding in the absence of gravity, h is the thickness of the competent layer (crustal or mantle), and μ l1 and μ l2 are the effective viscosities (or competencies) of the strong layer and weak surrounds, respectively. The above equation, derived assuming no gravity, provides estimates of λ l /h = 20-40 for typical competence contrasts. This does not hold for most lithospheric-scale cases, where λ/h = 4-6 is more common due to the influence of the gravity-dependent terms. A reduction of the normalized characteristic wavelength to values around 4 is also predicted for power law or plastic layers (e.g. Smith 1979 ).
In the simplest case of a single stiff viscous layer on top of an inviscid medium, the dominant gravity-dependent harmonics can be accounted as (e.g. Burov & Molnar 1998) :
where ρ is the density contrast,ε is the strain rate, μ eff is the effective ductile viscosity (see Appendix A), n is the power-law exponent and h is the thickness of the competent layer. At large amounts of shortening this deformation may become aperiodic (e.g. Hunt et al. 1996) so that the wavelength and amplitude of folding start to vary along the deformed transect. The mentioned plume-induced periodical deformations actually also refer to folding or boudinage caused by basal shear at the bottom of the lithosphere. However, the other major cause for folding of continental lithosphere is tectonic loading by horizontal far-field forces. For characteristic parameters of various layers within the continental lithosphere (h = 10-120 km, μ = 10 19 -10 26 Pa s: ρ = 10-600 kg m −3 ), eq. (2) and (3) predict folding wavelengths that may vary from as low as 30 km (upper crustal folding) to as high as 600-800 km. These wavelengths fall in the range of the lithospheric wavelengths that can be generated by PLIs (Burov & GuillouFrottier 2005) suggesting all possible interferences between folding and PLI. It is noteworthy that these interferences do not require compatibility of folding and plume related strain rates in the lithosphere.
Plume-folding interferences
Taking into account the possibly periodical character of instable topographic response to plume impingement, it appears that this response may effectively interfere with the periodic instable response of the lithosphere in case of its large-scale folding provoked by horizontal tectonic loading (e.g. Burov et al. 1993; Cloetingh et al. 1999; Gerbault et al. 1999) . Since the folding and PLI should produce similar wavelengths of deformation, it is likely that interaction between the two processes may result both in strong amplification or attenuation of the deformation, depending on the eventual phase shift between the wavelengths produced by folding and PLI.
M O D E L A N D E X P E R I M E N T S
Model setup
We exploit the earlier results obtained in the parametric studies by Burov & Guillou-Frottier (2005) , Burov et al. (2007) and d 'Acremont et al. (2003) who have modelled plume-continental lithosphere interactions for various viscoelastoplastic lithospheric structures, plume head sizes and Rayleigh numbers. We also use the results from our earlier studies on lithospheric folding (Burov et al. 1993; Cloetingh et al. 1999; Gerbault et al. 1999) . We apply the same approach based on the numerical code derived from FLAC algorithm (Cundall 1989; Poliakov et al. 1993) . This method handles realistic viscoelastoplastic rheologies and upper surface boundary conditions. To account for pressure-dependent deformation (Mohr-Coulomb plasticity, ductile creep at great depth) and free upper surface, this method solves Newtonian equations of motion (second law) instead of Navier-Stokes flow equations commonly used in plume-convection models. The algorithm explicitly takes into account elastic brittle-ductile properties of the mantle, crust and lithosphere, and handles brittle and ductile strain localization, which permits to model formation of brittle and ductile faults and shear zones. The free upper surface boundary condition allows for an adequate account of the deformation of the lithosphere. Due to the explicit nature of this elastically compressible code, the temperature, gravity and pressure-dependent body forces are computed directily without the necessity to use assumptions such as potential temperature. The recent versions of the code were described in full detail elsewhere Burov et al. , 2003 Burov & Guillou-Frottier 2005) . Therefore, we restrict the description of the method to a résumé provided in the Appendix A.
Model geometries
We investigate the development of folding and mantle plume-like instabilities through a model (Fig. 3 ) that includes lithospheric plates of various thermotectonic ages [60, 150, 300 and 1000 Ma, in terms of half-space cooling model with radiogenic heating developed by Burov & Diament (1995) on the base of the earlier model of Parsons & Sclater (1977) ] that experiences horizontal shortening at different rates, from slow to rather fast (1.5, 3 and 6 cm yr −1 ). Following previous plume models (e.g. Ribe & Christensen 1994) , we skip the initial (deep mantle) stages of plume rise, as they are of minor importance for the near-surface evolution. In the experiments, the initial mantle plume is located at the base of the model box, and has a diameter of 100 or 200 km. We chose a spherical shape for the initial plume because translating viscous bodies take a spherical shape in laminar regime at significant distance from the surface (Batchelor 1967) . This assumption corresponds to mid-mantle conditions. Nevertheless, since the model plume head is deformable, the choice of its initial geometry is of minor importance. The vertical size of the model is 650 km (upper mantle), its horizontal size is 1800 km (Fig. 3) .
In the first set of experiments, the plume rises below the lithosphere in the absence of tectonic compression. In the second set of experiments, the lithosphere undergoes compression without a plume at the base of the model. In the third set of experiments, the plume rises below a simultaneously compressed lithosphere.
Density and rheological structure
Each element of the numerical grid is assigned its specific material phase defined as a subset of physical parameters of the corresponding material: density, thermal and EVP rheology parameters (Tables 2 and 3 ). We use a conventional density and rheology structure for the mantle and lithosphere (Turcotte & Schubert 2002; Burov & Watts 2006, Fig. 3 ). All models include a 40-km-thick crust and four horizontal rheological layers (Tables 2 and 3 . The upper surface is free allowing for a self-consistent prediction of lithospheric response to plume impact and far-field compression forces. On the left-hand side, top insert shows a yield-stress envelope (YSE) for continental lithosphere that results from a combination of elastic, plastic and ductile properties (Tables 2 & 3) for a given lithology (quartzdominated upper and lower crust, olivine dominated mantle). On the right-hand side, top insert shows mantle and lithosphere geotherms and YSEs (diabase lower crust) for different thermotectonic ages and two end-member mantle geotherms : 'cold' (whole mantle convection) and 'hot' (stratified convection, with distinct cells in the upper and lower mantle). . ρ is density; Q, n, A are material-dependent parameters of ductile flow laws (Kirby & Kronenberg 1987; Kohlstedt et al. 1995) . Other parameters from Turcotte & Schubert (2002) .
densities for the mantle, because the density of the model plume has the same dependence on pressure and temperature as the background, and hence the absolute values of the background density are not important. The eq. (1) defines the initial density contrast between the plume and the mantle. The thermal part of this contrast varies as the plume cools down due to thermal exchanges with the surrounding mantle and due to the fact that the temperature of the surrounding mantle decreases as the plume progresses to the bottom of the lithosphere. A uniform numerical grid (300 × 130 elements) provides a vertical and horizontal resolution of 5 km per element (Fig. 3) . The lithosphere counts 30-50 elements in vertical crosssection, which provides 10-15 times better resolution than common plume models (e.g. Ribe & Christensen 1994 ).
Boundary and initial conditions
Mechanical boundary conditions
The mechanical boundary conditions assigned on the four sides of the box (Fig. 3) are: at the left-and right-hand sides, horizontal velocity, v x ; at the bottom, hydrostatic pressure with free slip in all directions; the upper surface is free (free stress and free slip condition in all directions), with moderate diffusion erosion (k = 500 m 2 yr −1 ). In the experiments on PLIs without folding, the horizontal velocity at the borders is dynamically adjusted to allow accommodation of the overall extension produced by the plume. For that, the following automatic procedure was applied: we first evaluate stresses arriving from plume head spreading (=plume buoyancy), starting from the moment when the plume head intrudes the mantle lithosphere (this moment is defined automatically when plume-head markers arrive above the bottom of the lithosphere). We then compute the horizontal velocity that has to be applied at the borders of the model to maintain corresponding stress level in the competent layers of the lithosphere. This velocity is applied along the entire lateral sides of the model. For the folding experiments, the horizontal velocity is constant.
Thermorheological initial conditions
Zero outflow is assumed as a lateral thermal condition on both sides of the box. The initial background geotherm is obtained by joining the continental and deep mantle (adiabatic) geotherms. Fixed temperatures are used as upper (0 • C) and lower boundary condition (1700
• C for 'cold' geotherm or 2000
• C for 'hot' geotherm). The initial age-dependent geotherms in the lithosphere are computed according to Parsons & Sclater (1977) and Burov & Diament (1995) . Since the thermal structure of lithospheric plates becomes nearly stationary after reaching an age of 400-500 Ma (e.g. Burov & Diament 1995 , and does not practically change after 700 Ma, the maximal tested age of the lithosphere was 1000 Ma.
The lithospheric geotherm (Fig. 3) becomes adiabatic (∼0.3
• C km −1 , Sleep 2003c) at depths below an isotherm of 1330
• C; the temperature slowly increases from 1330 to 1400
• C at 400-500 km depth (e.g. Ribe & Christensen 1994 ) and then to 1700
• C-(whole mantle convection, 'cold geotherm') 2000
• C (layered two level convection, 'hot geotherm') at 650 km depth. The assumption of a rapid temperature rise within the bottom layer is justified if the thermal convection in the upper mantle (Ra > 10 5 ) is separated from convection in the lower mantle (Ra ∼ 10 4 , stratified, or layered convection hypothesis). In this case main temperature changes must be concentrated in the upper and bottom thermal boundary layers of the upper mantle. In the upper boundary layer (lithosphere) the temperature rises from 0 to 1330
• C within the interval of the first 150-250 km from the surface (e.g. Jaupart et al. 2007) . The geothermal gradient becomes small within the nearly isothermal kernel below (70-100
• C change in the depth interval between the bottom of the lithosphere and roughly 500 km depth in case of stratified convection, or 650 km depth in case of whole mantle convection). For stratified convection, Schubert et al. (2001) admit the possibility of more than 1000
• C temperature rise at the bottom of the upper mantle, compared to the mid-mantle temperature (in this study we assume a value of 600
• C, which yields 2000 • C at the bottom of the upper mantle). In case of whole mantle convection, the temperature gradient at the bottom of the upper mantle remains adiabatic, yielding roughly a 200-300
• C temperature rise compared to the mid-mantle temperature (1700
• C at the bottom). The available experimental data are uncertain, and hence it is equally possible for the bottom temperatures in the upper mantle to be as low as 1600
• C (whole mantle convection) or as high as 2700
• C (layered convection) . In this study, we primary assume the double-layer convection ('hot' geotherm, 2000 • C at the base of the upper mantle) but we also test the model sensitivity to the assumption of single-layer convection ('cold' geotherm, 1700
• C at the base of the upper mantle). The upper part (lithosphere-asthenosphere) of the initial thermal model is validated by computing key stagnant parameters (according to Solomatov 1995; Solomatov & Moresi 2000; Nyblade & Sleep 2003; Sleep 2003c) . The main goal of this primary test is to check whether the parameters used for the lithosphere are compatible with its long-term stability in the absence of external perturbations, that is, to verify that in the absence of a plume the lithosphere would form a stable 'stagnant lid' on the surface of the convective mantle. Such a stagnant lid has to be dominated by heat conduction, in difference from the underlying convective mantle dominated by heat advection. The thickness of this stagnant layer, Z rheo, should be equal to the thickness of the mechanically strong lithosphere, that is, to the thickness of its uppermost portion that is strong enough to prohibit convective flow above its lower boundary. As a consequence, this layer must be purely conductive. Hence, Z rheo should be close to the thickness δ of the conductive lithosphere. The latter equals the sum of thicknesses of the constituent conductive layers, that is, of the crust (h c ∼ 40 km) and of the lithosphere mantle (h m = h l -h c )
where q m is the basal heat flux, q c is the mean crustal heat flux, T m is the temperature at the bottom of the stagnant lid, T Moho is the temperature at Moho depth z = h c . q c and T Moho are computed from the tested thermal model of the lithosphere, q m , T m , k and h c are also known. Consequently, δ can estimated from eq. (4). For example, for cratons (q m = 15-20 mW m −2 ), δ = 200-250 km (Jaupart et al. 2007 ). For normal lithosphere q m = 30 mWt m −2 , δ = 120-150 km (Jaupart et al. 2007 ). δ only approximately defines the thickness of stagnant lithosphere Z rheo because the latter also depends on its thermally dependent mechanical properties. For this reason, the next step is to estimate the thickness of the rheology boundary layer between the potentially strong lid and the underlying weak asthenosphere, and to ensure that the viscosity drop across this layer is compatible with the mechanical stability of the lid. In the stagnant mantle lithosphere, the effective viscosity decreases exponentially as the temperature increases with depth until this process is slowed down by rising pressure and change in the flow law, from dislocation to diffusion creep (Appendix A). The impact of temperature on the viscosity becomes nearly constant in the underlying convecting mantle as the temperature gradient becomes adiabatically small. The depth Z rheo ≤ δ to the zone of transition from a fast viscosity drop (predominant thermal conduction, lithosphere) to nearly constant viscosity (predominant thermal advection, upper mantle) defines the 'true' rheological and stagnant thickness of the lithosphere (see rheology envelopes shown in Fig. 3 ). This zone is referred to as the rheological boundary layer of thickness δ rheo . This layer separates strong lithosphere ('stagnant lid') from weak underlying mantle and its thickness characterizes the mechanical stability of the 'lid'. For mantle rheology (Tables 2 and 3) , the estimated characteristic temperature change for viscosity reduction in the rheology boundary layer is T η = 50-65 K. This quantity yields a total temperature change, T rheo, across the rheology boundary layer. In our model, T rheo, is on the order of 120-150 K (Sleep 2003b )
where θ is Frank-Kamenetskii parameter (Solomatov 1995) defined as θ ≈ A T where A (∼10 −2 K −1 ) is 'activation parameter' for convective flow in the sublithosphere mantle (Schubert et al. 2001, p. 618) and T = T m -T Moho . The thickness of the rheological boundary layer, δ rheo can be estimated as (Nyblade & Sleep 2003 ): δ rheo ≈ T rheo δ/T m = 50 km. Consequently, the characteristic stress scale, τ b ∼ (δ rheo g ρ m α T rheo ) ≈ 5-7 MPa. The value of τ b means that if the strength of the lithosphere at its mechanical bottom (z = Z rheo ) is smaller than τ b , it will become gravitationally unstable even in the absence of a plume or other perturbation. In this case, the lithosphere thickness will be progressively reduced by a series of mantle drippings that will remove all material, which strength is below τ b . Using the estimate for τ b , we can validate the initial numerical model setup by testing whether the model plate would be stagnant in the absence of a plume or folding. For the geotherms and rheology used, the strength of the model cratons is higher than τ b down to the depth of 200-250 km. Depending on its age (60-300 Ma), the strength of the younger lithosphere is higher than τ b down to the depth of 100-150 km. For τ b ∼ 5-7 MPa and typical tectonic strain rates of 10 −14 -10 −15 s −1 , the effective mantle viscosity is on the order of 10 20 -10 21 Pa s, which falls within the commonly accepted range for the sublithosphere mantle.
E X P E R I M E N T S A N D R E S U LT S
Plume instability below continental lithosphere, in the absence of far-field compression
Summary of the experiments shown in the figures is presented in Table 4 . We first have conducted a series of experiments with a . These experiments were then repeated with a two-times smaller plume (d = 100 km, Fig. 7 ). Additional high-resolution experiment has been conducted with a two times higher numerical resolution to (1) check the applicability of the results obtained with standard resolution (Fig. 5g) . Fig. 4(a) shows the experiments of PLI in case of a very young and weak (60 Ma) lithosphere assuming a quartz-dominated rheology for the entire crust. These experiments show that the ascending plume head first (time < 1 Myr) produces large scale (λ > 1000 km) relatively small amplitude a (a < 1 km) uplift superimposed by short-wavelength tensional and locally compressional crustal instabilities (λ < 50 km, a < 100 m). This deformation is soon relayed (after 1 Myr) by a higher amplitude tectonic scale uplift (λ = 250-300 km, a ∼ 2 km) superimposed by amplified short-wavelength crustal deformation (λ < 50 km, a ∼ 300 m). Various wavelengths do not always coincide in time. The smallest observed wavelength of 30-40 km refers to the initial small-offset periodic faulting in the brittle crust, which spacing is proportional to 1-2 thickensses of the brittle layer. The initial closely spaced faults die out when the deformation localizes at the inflexion points of major synclines and anticlines. These initial faults are well resolved in the high-resolution experiment shown in Figs 4(c) and (d). The localized topography growth continues for the next several Myr yielding final amplitudes on the order of 5 km. This topography amplitude, h, obviously results from the important positive buoyancy of the plume head associated with its high thermal and chemical density contrast with the surrounding material (part of which is the light crust at the initial stages of crustal thinning), that overshoots the negative topography that would be produced by plume-induced crustal thinning. Simple isostatic estimates suggest that 3-3.5 of 5 km of positive topography is due to plume buoyancy (plume density contrast ρ p with averaged (crust and mantle) lithospheric rock is ρ p ∼ 100-120 kg m −3 ), which overshoots about 6 km of negative syn-rift subsidence, h i , that would be produced by crustal thinning (h i strongly depends on crustal strength and the availability of the basin infill and its assumed density, ρ s , that may vary from 0 in case of no infill to 2700 kg m −3 in case of dense infill): h b ≈ ρ p w/ρ l , where h b is the buoyant part of the uplifted topography and w is the vertical deflection of the base of the lithosphere due to the intrusion of the plume head (w ∼ 100 km for the middle experiment of Fig. 4a ). The amplitude of maximal would-be-negative subsidence h i due to the crustal thinning can be estimated from the classical McKenzie (1978) formulae that assumes local isostasy:
, where β is the lithosphere thinning factor, which is on the order of 6-8 for the last snapshot of the Fig. 4 
(a), and T(h l ) is the initial temperature at the depth h l [T(h l ) = 1330
• C is the temperature at the thermal bottom of the lithosphere]. The large-scale dynamic topography is thus responsible for less than 1.5 km of the remaining topography uplift. Local isostatic relations do not hold for topographic features with wavelengths smaller than 1000 km in case of stronger lithospheres/smaller stretching factors; in this case there is an important contribution from non-lithostatic compensation of the surface topography associated with its flexural strength. Actually, even in the case of the 'weak' experiment shown in Fig. 4(a) , the uppermost 5 km of surface topography rapidly cools down to less than 300
• C and becomes brittle. The 'non-dynamic' part of topography is then maintained over important time spans due to the strain-rate and temperature independent brittle-elastic strength of near-surface material: the brittle strength of the rocks is ∼0.6-0.8ρ g × (5000 m) + 20 MPa ∼ 120-150 MPa (Goetze & Evans 1979) , the weight of the 'non-dynamic' 3.5 km of topography is less than 120 MPa. If this topography was not 'strong' enough, it would have been flattened by gravity driven flow in less than 1-2 Myr. Higher than 5 km topography amplitudes are physically possible in case of large-wavelength uplifts. In that case the topography slopes should not exceed the internal friction angle of the surface rock, which limits the maximal amplitude of short-wavelength deformation. To preserve such topography, the effective viscosity μ of the subbrittle layers should be high enough (e.g. >10
23 Pa s) to sustain topography loads: ρgh < με yy , whereε yy is vertical strain rate, on the order of 10 −15 -10 −13 s −1 (typical tectonic strain rate). High topographies are unlikely for pure PLIs but may be reproduced if the PLI are associated with tectonic folding of strong lithosphere.
As its spreads laterally, the plume head erodes a significant part of the mantle lithosphere provoking, at 4.5-5 Myr, whole-scale mantle lithosphere down thrusting. At 5 Myr the crust is thinned by a factor of 3-5, yielding extreme rifting, continental break-up and onset of oceanization above the plume head. It is also noteworthy that the laterally spreading plume head laterally splits the mantle lithosphere in two parts one, which is down thrusted whereas the other, thinned one, remains above the plume head. The case considered in Fig. 4(a) is hardly applicable to the present-day lithospheres that are mostly stronger and colder than a 60 Ma old plate. This could be, however, a more realistic scenario for early Archean plates. Fig. 4(b) shows PLI experiments for 150 Ma old lithosphere, which is geotectonically more representative than the 60-Ma-old lithosphere assumed in the experiment of Fig. 4(a) . All other parameters are identical to those chosen for the experiments of Fig. 4(a) . In this experiment, we observe that the plume head intrudes at a large scale in the lithosphere and produces rifting with flexural-scale rift shoulders. The topography has a large-scale uplift of 600 km wide, with amplitude of up to 3-4 km. Inside the uplifted area (snapshot at 3.5 Myr, Fig. 4b ) there is a 2 km deep rift basin of 250-300 km width. The flattened plume head exhibits large strain zones concentrated at the lithosphere-plume boundary. The plume continued spreading at 5.6-6 Myr. At this stage the plume moved further toward the surface, provoked a subduction-like down thrusting of the mantle lithosphere to 400 km depth and produced a large wavelength uplift in an area of >1000 km wide, with an vertical amplitude of 3 km overprinted by a 300 km wide rift-type basin with a depth of about 2 km.
High-resolution plume experiment (Figs 4c and d) . We have additionally conducted experiments with increased resolution (twice better than standard, i.e. 2.5 km × 2.5 km) using the setup of the experiment from Fig. 4(b) (150 Ma old lithosphere). The results (Fig. 4c ) are largely consistent with those obtained for standard resolution (Fig. 4b) but provide a better resolution for small-scale brittle faulting in the uppermost lithosphere, in particular for smallscale small offset periodic faulting that develops at the initial stages of PLI (Fig. 4d) . This faulting is responsible for smallest topography wavelengths of 30-40 km. Small-scale small offset initial periodic faulting is typical for extension or compression of elasto-plastic layers overlying low-strength viscous media (lower crust, asthenosphere). As could be expected for the rheological parameters used for this experiment, the wavelength of the initial periodic faulting is on the order of 1-2 brittle layer thickness (e.g. Gerbault et al. 1999 : Bellahsen et al. 2003 . These faults die out later, when the brittle deformation starts to localize at the inflection points of the well-developed synclines and anticlines. • C at 650 km depth, Figs 5a and b) and a 'cold' mantle geotherm (whole mantle convection concept, 1700
• C at 650 km depth, Figs 5c-f). As can be seen, compared to the experiments with young 60 Ma lithosphere in case of a 'hot' mantle geotherm, the plume head still produces significant mantle down thrusting but lithospheric thinning above the plume head is more localized than in the case of 60 Ma lithosphere. The topographic features are characterized by tectonic-scale uplift (λ = 400-500 km, amplitude, a ∼ 2 km) with a smaller scale crustal wavelength. In contrast with the previous case, major subsidence surrounded by uplifted rift shoulders is observed right above the centre of the plume head. In case of a 'cold' mantle geotherm (Figs 5c and d) some minor conditions. This experiment explores the situation when the deformation of the lithosphere is constrained by far-field tectonic forces (intermediate state between pure PLI and PLI occuring simultaneously with tectonic compression/folding considered in the following sections). In this case, the mantle lithosphere becomes more gravitationally instable due to smaller Péclet numbers. As a result, initially underthrusted mantle lithosphere material becomes highly Viscoelastoplastic rheology is used, the effective viscosity is computed to evaluate the effective strength and does not necessarily imply that the material is viscous.
gravitationally unstable, specifically at its base (the material makes several up-and-down turns with characteristic scaledemultiplication of the instabilities).
As the age of the lithosphere increases (Fig. 6 , age 1000 Ma), the mantle-downthrusting provoked by the plume head remains very significant but the amplitude of the surface expression is smaller (0.5 km) while its wavelength is larger (>600 km). Periodic surface undulations with a wavelength of 300 km (produced by very strong crust) are also observed.
Experiments with a smaller (d = 100 km, Fig. 7 ) plume demonstrate that even a little 'baby' plume can have a noticeable impact on the mantle lithosphere (thermomechanical erosion of mantle lithosphere, its down thrusting to important depth) and surface topography (tectonic scale undulations with wavelengths similar to the large plume experiments and with amplitudes of up to 2000 m). It confirms that the final surface wavelengths are controlled by the mechanical properties of the lithosphere. It shows also that the thermal anomaly associated with the plume head (Fig. 7a ) is flattened and highly thinned and stretched along the lithosphere-asthenosphere interface making it probably unresolvable in terms of its tomographic expression. In contrast, the tail appears to be characterized by a more pronounced vertical thermal and compositional anomaly that might be better resolved in seismic tomographic studies (see for a comparison Fig. 2b, top panel) .
Folding instability in continental lithosphere in presence of far field compression
The next series of experiments address the development of a folding instability in the lithosphere, in the absence of mantle plumes but with the other conditions identical to the experiments of Section 5.1. Fig. 8 shows the results of the experiments for very young 60-Maold lithosphere compressed at a slow rate of 3 cm yr −1 . In this case, some strongly decoupled low-amplitude short wavelength (mantle wavelength, λ = 100 km) folding developed leading to crustal thickening above a synclinal mantle fold. At later stages, harmonic folding is followed by mega-folding (Cloetingh et al. 1999; Burg & Podladchikov 2000) , and these mantle synclines develop in a mode resembling symmetric subduction. For lower convergence rates folding does not develop due to the low Péclet number of the system (leading to heat diffusion and weakening of folds). Basically the same results were obtained for 150-Ma-old lithosphere. These experiments could be relevant for offshore parts of the Norwegian margin not affected by plume activity.
Folding is well developed for medium age lithosphere (300 Ma, Fig. 9 ). In this case it develops for all, slow (1.5 cm yr −1 ), high (6 cm yr −1 ) and intermediate (3 cm yr −1 ) convergence rates, with long mantle wavelengths (λ = 360 km) and high surface amplitudes (2000 m after 10 Myr; this case compares well with Iberia (see or Western Goby and the Ferghana basin in Central Asia (Burov et al. 1993; Burov & Molnar 1998) . At late stages (10-26 Myr after the onset of shortening for 3 cm yr −1 or 20-50 per cent of shortening), folding becomes aperiodic, leading to mega-folding (Cloetingh et al. 1999; Burg & Podladchikov 2000) and subsequent formation of high-amplitude crustal down-warps (Fig. 9b) . In this case, the amplitude of vertical movements may reach 20 km (±10 km) or even more. Actually, such high amplitudes of vertical motions are observed in a number of sedimentary basins such as the South Caspian basin (Guest et al. 2007 ) and the Barents Sea (Faleide et al. 2008; Ritzmann & Faleide 2009 ). However, in nature it may be relatively rare for folding to continue for periods in excess of 10 Myr. More common is that at certain moment various localizing factors lead to localization of deformation along single major fault zones (Cloetingh et al. 1999; Gerbault et al. 1999) .
For the cratonic case (1000 Ma lithosphere), two wavelengths are observed (λ = 150 and 500 km) and decoupled crustal-mantle folding occurs. These experiments predict very large surface amplitudes on 10 km scale in the case of a high (6 cm yr −1 ) convergence rate. For intermediate (3 cm yr −1 ) convergence rates, wavelengths are about λ = 560-600 km (no crust-mantle decoupling) with amplitudes on the scale of 5000 m. For low convergence rates folding was not significant.
Simultaneous PLI and folding instability in continental lithosphere in presence of far field compression
As can be seen from the previous experiments, it appears in general that no folding occurs in case of very low convergence rates (<1.5 cm yr −1 ). For high and medium convergence rates, classical high amplitude folding is induced in intermediate (300 Ma) and old cratonic lithosphere (1000 Ma). This might provide an explanation why folding develops preferably in Paleozoic massifs (e.g. the Armorican Massif) or otherwise prefers pre-existing sedimentary basins (Paris Basin; Pannonian Basin). To produce folding in young lithosphere and for low convergence rates for all lithospheric ages, it appears that an interaction with plume activity is required. To explore this further, is in fact the objective of the experiments of this section (Fig. 10) .
To investigate the interactions between PLI and folding instability, we have repeated the experiments of Section 5.2 additionally assuming simultaneous development of a plume instability, as in the experiments of Section 5.1. In view of space restrictions, we mainly show here the results of experiments for PLI and folding at a 3 cm yr −1 convergence rate and lithospheric ages from 150 to 1000 Ma (Fig. 10) . In case of very young lithosphere (60 Ma), the experiments show that folding is overprinted by plume impact and the results of the experiments resemble those of the Section 5.1 for an identical age of the lithosphere.
The main differences from pure PLI deformation are most evident in the case of strong lithospheres (thermotectonic age >150 Ma). Starting from thermotectonic ages on the order of 100-150 Ma (Fig. 10a) , the topography starts to develop in a folding mode, with initially strong bi-harmonic features (crustal folding at 70 km wavelength superimposed on larger 300 km wavelength of mantle folding). The initiation of plume ascent is retarded (about 1 Myr) compared to pure PLI, but when the plume head starts to approach the base of the lithosphere, folding patterns become highly perturbed, which is initially expressed by an increase of the mantle wavelength to almost 500 km. After 5 Myr PLI like deformation Figure 9 . (Continued.) dominates but the narrow rift basin forming above the plume head becomes highly asymmetric, with a high rift flank on one side and a three times smaller rift flank on the other side. Also the mantle deformation wavelength tends to grow, except for the central syncline, which shrinks. This growth can be interpreted as a result of phase mismatch between the folding and PLI-induced wavelength. By changing the initial plume location by one half of the folding wavelength we verified that PLI can also amplify the amplitude of the initial folding wavelength, without changing it. The differences from pure PLI deformation are also pronounced in case of a 300 Ma lithosphere (Fig. 10b) . In this case, folding first develops almost in the same way as in the pure folding case (Section 5.2) but the surface wavelength appears to be soon affected by the plume. As in the case of 150 Ma old lithosphere, the initialization of the plume is retarded by about 1 Myr. The position of the points of maximal amplitude is shifted compared with the pure folding case, and one of them coincides with the location of the plume head. The observed wavelength is λ = 400 km, slightly larger than in the case of pure folding. In case of the convergence rate of 3 cm yr −1 , dramatic surface uplift of 2000-3000 m with a wavelength of λ = 400 km is observed on top of the plume at about 2 Myr. At later stages (5 Myr), the surface elevation flattened out yielding lower amplitude folding of wavelengths of λ = 300 km. Folding then starts to dominate with a topographic low in the surface expression at the site of a former topographic high induced at the first stage by the plume. In case of very strong lithosphere (1000 Ma, Fig. 10c ), folding dominates and the plume impact is not expressed in the surface topography. We note, however, a shift of folding deformation towards the areas that are most affected by thinning of the lithosphere by thermal and mechanical erosion caused by the plume. Down thrusting of the plume and lithosphere mantle material is well expressed in all cases so that the deformation of the bottom of the lithosphere was always plume-dominated. Similar tendencies are observed in case of a 'cold' whole mantle convection geotherm (Fig. 10d) , except that the development of the rift basin is attenuated, and the development of mantle down-sagging above the plume head is amplified. In case of a 'cold' mantle geotherm, a main syncline tends to localize above the plume head, as in the case of a 'hot' geotherm shown in Fig. 5(a) , whereas the overall fold pattern is asymmetric.
In case of a lower convergence rate (1.5 cm yr −1 ), the plume produces large-scale uplift with a magnitude of 1.6 km above the plume head and a large 1000 km wide area is affected by plume impingement. The initial uplift flattens out after about 8 Myr, and then small amplitude folding with wavelengths of λ = 250 km and small (100-300 m) vertical displacements develop. This stage could be interesting in view of subtle intraplate deformation commonly observed in intraplate settings (e.g. Siberia), traceable through river drainage patterns (Allen & Davies 2007) . Interestingly, plume material appears to be attracted by folding in Variscan-type massifs: maybe these massifs represent the optimum in terms of rheology, which is not too strong yet but still capable to fold.
For all convergence rates, the plume has created an initial surface uplift of about 1000 m (after 2-3 Myr) that flattened out to smaller levels of 200 m.
General observations
Summarizing all experiments on PLI-folding interactions, we can conclude that: (1) in case of young lithospheres (<150 Ma), PLI overprints folding but the PLI-associated patterns tend to become asymmetric; (2) in case of strong lithospheres (>300 Ma), folding may dominate over PLI-induced patterns but the plume may strongly amplify one of the fold anticlines; (3) in all cases of PLI and simultaneous folding, folding appears first to retard plume initialization but then it may deviate the trajectory of plume ascent towards one of the fold anticlines and (4) at early stages of its ascend, a plume may result in an increase of the mantle folding wavelength, at later stages plume-induced weakening is expected to lead to a decrease of the folding wavelength. The above conclusions depend naturally on the plume head size as the effect of PLI will be stronger for larger plume heads. We also tested several cases in which folding started 1 to 5 Myr before or after plume initialization. In these cases, upon arrival, the plume first increases the mantle-folding wavelength. Subsequently the folding wavelength is decreasing, favoring the development of an anticline situated above the centre of the plume head. When compression is exerted after plume emplacement, folding develops with a reduced wavelength, basically above the plume head and potentially results in the inversion of plume-induced rift basins. However, full-scale exploration of the potential consequences of time lags between PLI and folding requires to cover time lags of up to 50-100 Myr and hence to conduct a very large number of additional experiments, which merits a separate study.
For all experiments we observed short timescales for topography creation and development of differential topography: a rapid temporal succession from ∼1000 m scale uplift at early stages of plume emplacement to only 100 m scale uplift at the same location during later stages and vice versa. In some of the latter cases the large-amplitude uplift is more localized as a mega anticline above the plume, whereas the low amplitude surface deflection is more Figure 10 . (Continued.) periodically spread over a wide area. The age of the overlying lithosphere appears to be a key factor for the temporal evolution of the development of the surface topography: The pattern of topography amplified in time observed for young lithosphere (60 Ma) is highly different from the patterns observed in case of PLI for the other ages (150, 300 and 1000 Ma)-with increasing age and strength of the lithosphere initial doming was short-lived and succeeded by a series of spatially periodic subsidence-uplift patterns. Although down thrusting of mantle and plume material is clearly observed in the presence of compression, it is also well expressed in the experiments without compression (see Section 5.1). However, it appears that down thrusting is somewhat magnified by compression. We also note the differences in the style of mantle down thrusting: thick-skinned down thrusting in case of 60-Ma-old lithosphere versus thin-skinned down thrusting in case of older lithospheres. This observation is, however, also valid for the cases without convergence.
D I S C U S S I O N A N D C O N C L U S I O N S
The major differences between the effect of tectonically induced folding and plume impingement on the lithosphere refer to (1) omni-directional, in case of homogeneous lithosphere, character of deformation produced by a plume compared to directional deformation produced by folding; (2) folding produces significantly larger vertical amplitudes; (3) the response of the lithosphere to folding is quasi-instantaneous, yet, depending on the rate of shortening, significant amplitudes of folding take time (of the order of a few Myr) to develop; on the other hand, there is a certain time lag (about 0.5 Myr) between the time of plume initialization at depth and reaction of the surface to this initialization, yet the growth rate of topography in this case is rapid; (4) timescales of folding and PLIrelated deformation (considering upper mantle plumes only) are on the order of few millions to at most a few tens of millions of years, and tend to be longer in case of stronger lithospheres; (5) foldinginduced vertical motions result in progressive amplification of initial synclines and anticlines (basins become deeper, uplifts grow), whereas PLI induced deformation significantly varies in time, for example, zones of surface depression may be replaced by zones of surface uplift and vice versa and (6) folding requires a considerable competence contrast between the lithosphere and underlying asthenosphere, that is, it does not develop in young continental plates.
Model diagnostics for plumes
Our experiments adopt realistic plate formulations and suggest that plumes can largely affect lithospheric evolution (e.g. plate breakoff, extension and compression, mantle and crustal down-warping). They also show that surface expressions of PLI may be quite complex (i.e. quite different from the long-wavelength dynamic topography derived from conventional models). In particular, a plume may produce periodic zones of surface compression and extension associated with small and intermediate wavelengths of deformation (λ = 50, 200, 300, . . . , 600 km) that are more commonly associated with tectonic processes.
The plume impact is most significant in case of a young lithosphere (age <150 Ma) where it produces a series of basins and compressional zones with wavelengths as small as λ = 50 km and quite large (several thousand m) vertical amplitudes. Plume impact results in removal of mantle lithosphere that is down-warped to a great depth. Crust is extended and rifted above the plume head but compressional zones are also formed above the edges of the spreading plume head. As plume material flattens horizontally, it underlies the lithosphere over large distances that exceed by a factor of 5 the initial diameter of the plume, even in cases when the plume tail is disconnected from the source region. The geodynamic influence of this material can be felt during 50-100 Myr after the plume emplacement. The predicted surface topography would be expected to possess a radial symmetry (in difference of that created by unidirectional tectonic deformation). However, the presence of inherited parallel structures within the lithosphere (e.g. series of cratonic blocks) may channelize plume head flow along their borders resulting in directional deformation.
The plume impact is significant also in case of older plates, specifically for the model representative for 300 Ma lithosphere.
In this case, the predicted surface wavelengths are larger and vertical amplitudes are smaller (up to 400-500 km and 1000-5000 m scale, respectively), but the overall effects are similar to the case of younger lithosphere; the plume erodes a major part of the lithospheric mantle resulting in a significant drop in the integrated strength of the lithosphere.
It appears that at passive margins, PLI may also result in gravitational disbalance leading to subduction of the continental lithosphere (e.g. Fig. 4) .
PLI with strong non-depleted old lithosphere (age >300 Ma, dry olivine rheology) still produce very significant surface features, with wavelengths up to λ = 600-800 km and vertical uplifts in the order of several hundred meters. The bottom of the lithosphere is largely affected by plume-driven erosion and mantle down-warping that logically should result in melt infiltration from the plume to the mantle lithosphere.
In all cases, crust-mantle decoupling plays a very significant role for the lithospheric response during PLI. Strong decoupling results in a reduced effect of PLI at the surface and in the appearance of very small deformational wavelengths. In this case, a large part of the dynamic topography is compensated within the ductile crust.
The lithospheric response to a rising plume is characterized by some delay on the order of 0.1-0.5 Myr and can last for 10s to 100 Myr after the plume emplacement.
Finally, we conclude that even small-scale 'baby' plumes (note, however, that our study is limited to relatively small upper mantle plumes) may have significant impact on lithosphere evolution, in general for the plates younger than 300 Ma. Their effects are likely to be mitigated for older plates.
Model characteristics for folding
If the total amount of horizontal shortening exerted on a plate exceeds approximately 10 per cent, classical harmonic periodical instabilities, usually recognized as folding, may become highly a periodic, or characterized by laterally varying wavelengths. In case of crust-mantle decoupling, folding is bi-or multiharmonic, with generally smaller crustal wavelengths (λ < 100 km) and a mantle wavelength on the order of λ = 150-600 km. Folding results in a drop of the integrated strength at the inflection points, and thus requires a smaller force to continue. However, with time, hot material advected below anticlines cools down, whereas down-folded cold parts of the plate get hotter. This results in re-arrangement of the integrated strength of the plate, so that it gets stronger in some (ductile) inflection points. The wavelength of deformation of a plate with horizontally variable strength is also variable horizontally. On the other hand, the initiated topography tends to be preserved with time, even after cessation of the forces that have provoked folding.
It should be noted that the amplitudes of folding predicted in the experiments with strong plates (e.g. experiment of Fig. 9a ), even if very high, are mechanically consistent. In linear theory of folding, the amplitude of folding is not limited; it is some simple function of the amount of shortening. If the lithosphere is strong enough and the applied horizontal forces are sufficient to overcome its resistance and gravity forces, the lithosphere may fold to quite important amplitudes (except very thick plates in which pure shear deformation start to compete with folding). The results of the experiments, if properly scaled, are consistent with the previous models. For example, in case of the Fig. 9(a) , the predicted amplitude of folding (40 km) is higher than in a similar numerical experiment made by Burg & Podladchikov (2000) . However, this difference refers to a larger relative amount of shortening in our experiment: 500 km of shortening of an initially 1500-km-wide box in our model (Fig. 9a) compared to 500 km of shortening of an initially 2500 km wide box in the Burg & Podladchikov (2000) model. 25 km amplitude of folding obtained by Burg & Podladchikov (2000) scaled by 2500/1500 (=1.66) yields 41.6 km, that is, the maximal amplitude of folding that we have obtained in our model. However, at amounts of shortening >10 per cent, deviations from linear theory are important. Specifically the amplitude of folding is limited by ρgh-to-plate strength ratio, 50-km-high folds imply normal stresses on the order of 1.5 GPa. This is the maximal differential strength of rocks in case of strongest rheologies predicted by rock mechanics (e.g. Burov 2007 ). In reality, rocks have smaller strengths (500-700 MPa) than predicted from laboratory experiments (Burov 2007) . Consequently, real-world 'free air' folds would not have amplitudes larger than 15-20 km. However, if the syncline folds are timely filled with sediment, which basically not the case in nature (e.g. Cloetingh & Ziegler 2007) , this would reduce the effect of gravity by up to 80 per cent allowing for very deep fold basins to be formed. On the other hand, surface processes maintain topography amplitudes at a certain level, and, as a result, very high anticline folds are uncommon (e.g. Guest et al. 2007 ). As shown in previous studies (e.g. Cloetingh et al. 1997) , large amplitude folding finally leads to localization of deformation at one of the folds and the other folds die out after about 10 Myr of shortening.
It is also noteworthy that even though the maximal horizontal forces developed in the models with strong lithosphere (300 and 1000 Myr old plates) were smaller than 10 13 N, this is still higher than the forces available from slab pull and ridge push (10 12 N). Consequently, the maximal amplitudes of folding predicted in the experiments may be somewhat exaggerated. Note, however, that stresses can be amplified locally to higher levels due to plate geometry (e.g. Indo-Astralian Plate (Cloetingh & Wortel 1986 ).
Plume-folding interactions
Plume activity followed by folding may result in strong fold amplification in the area directly affected by a plume. However, if the plate has experienced a significant strength loss due to thermal re-activation by a plume, it will not fold at all due to insufficient competence contrasts between weak and strong layers.
Inversely, one would expect that folding activity followed by a thermal perturbation some time after onset of folding may be largely perturbed in terms of the wavelength, or even interrupted (significant strength loss). The anticlines of folds would serve to catch some of the hot plume material resulting in a specific spatial distribution of melting/volcanic activity.
Influence of phase changes and other parameters (discussion)
Until this point, the models presented in this study did not take into account the mineralogical phase changes that might be of importance for the development of mantle-lithosphere interactions. A number of authors have already questioned, within viscous models with no free surface, the relative importance of mineralogical phase changes and of the associated latent heating/cooling and partial melting for PLI (e.g. Christensen & Yuen 1985; Christensen 1995; Litasov & Ohtani 2007) . Using a thermodynamically coupled phase change formulation (Appendix A2) that we have previously developed in Yamato et al. (2007 Yamato et al. ( , 2008 , we have performed some additional test experiments using the thermodynamic petrology data base and free energy minimization algorithm from Connolly (2005) . This formulation allows to account for continuous density and elasticity changes in polyphase aggregates (five major mineralogical components of each rock are accounted for) as a function of P-T conditions. It also accounts for the associated latent heating/cooling (the viscous dissipation heating was switched off due to the uncertainties on heat conversion factors). This approach based on the assumption of state as function of P-T conditions might be not always sufficient because it is difficult to account for all possible states of a polyphase aggregate for given P-T conditions. However, it provides a better approximation for rock density than linearly changing coefficients of thermal expansion/compressibility or the approach based on bi-phase Claypeyron slopes traced for averaged specific heats that is mainly used in convection models . This experiment refers to the 'reference' model setup with 300-Ma-old lithosphere and a 'hot' initial mantle geotherm (Figs 5a and b) . As can be seen (Fig. 11) , the main difference with the experiments of Figs 5a and b refers to the 'diffusive' behaviour of the plume tail and the absence of distinct density boundaries between plume and mantle (specifically between plume head and mantle). This may actually explain why 'baby-plumes' that have no pervasive deep sources can be hardly detectable from regional seismic tomography.
General conclusions
The results of our study suggest that plume activity may facilitate folding basically by lowering stresses needed for folding. Stress reduction may occur due to both thermal and structural weakening (crust mantle decoupling) and mechanical erosion of the plate by a plume. Yet, in case of a dramatic stress drop PLI may prohibit folding as the latter requires substantial stress/strength contrasts within the lithosphere. PLI may also prohibit folding at the initial stages of the plume impact as the associated flexural peripheral uprise provokes large-scale extension that works against the compression, that is, against folding. The impact of a plume also results in the reduction of the folding wavelength (by weakening of the plate) and localization of folding above the plume impact area. A general outcome of this study is that lithospheric folding as a mechanism for producing thermal perturbations in the lithosphere/upper mantle system appears to be a less feasible scenario than vice versa. The time lag between the plume impact and the onset of tectonic folding will also be crucial for the efficiency of the interaction between these processes.
As was found earlier, for slow convergence rates (<1.5 cm yr −1 ) no folding in young lithosphere (age <150 Ma) can be induced by far-field forces. This point is Important in connection with atypical folding in some recently formed sedimentary basins such as the Pannonian Basin, and may serve for discrimination between expected plume and folding impact on young lithospheres.
Slow convergence promotes lithospheric mantle (and sometimes crustal) down thrusting above plume borders and horizontal spreading of plume heads. Fast convergence enhances folding in cratonic lithospheres.
It might be important to note for the ongoing discussion on the Eifel/Massif Central plumes (Ritter et al. 2001 ) that folding inside Europe is limited to the position of Palaeozoic massifs, including also the Armorican massif (Cloetingh & Van Wees 2005) Plume-induced thermomechanical erosion of the bottom of young (age 150 Ma) and intermediate age lithospheres (age <300-700 Ma) appears to be a very important mechanism that may result Figs 5a and b) . Left-hand panel: material phases. Right-hand panel: dynamically updated density distribution (Appendix A2). As can be seen, the main difference with the results of the reference experiment refers to the 'diffusive' behaviour of the plume tail and the absence of distinct density boundaries between plume and mantle (specifically between the plume head and mantle), which probably explains why 'baby-plumes' that have no pervasive deep sources are hardly detectable from regional seismic tomography. (b) Surface topography evolution for the experiment shown in (a) (left-hand panel, 1.3-6.8 Myr) and long-term topography evolution after plume head emplacement in thinning (by a factor of 2 or more) and rejuvenation of the lithosphere above the plume head over very large distances (1000 km), resulting in formation of thin lithospheric blocks surrounded by thicker lithosphere, with deep mantle and crustal down-warping (or delamination) at the borders with the thinned areas. In compressional setings, such thinning will favour onset of large-scale folding with variable wavelengths.
Some remaining questions
It appears that high rate shortening may prevent the development of distinct plume heads below the lithosphere. This might be an explanation for observed baby plumes without plume heads in the intraplate lithosphere domains of Europe (Ritter et al. 2001) , which are currently under compression.
It is likely that in case of PLI the characteristic wavelengths of folding may not conform the theoretical relations between thermomechanical age and wavelength observed for folding.
Furthers development is needed to fully account for thermodynamic phase changes associated with PLI. In particular, P-T based approach might be insufficient as it does not allow to fully trace all possible states of polyphase aggregates. This will allow to compute consistent synthetic seismic velocity anomalies (with account for composition, inelasticity and anharmonicity) and directly compare them with the data of seismic tomography.
A C K N O W L E D G M E N T S
We are thankful to both reviewers, Dr T. Ruedas and Prof H. Schmeling, for their valuable and constructive criticism. This research was initiated while one of us (SC) was a visiting professor at the Laboratoire de Tectonique UMR7072 (now ISTEP UMR 7193), Université Pierre et Marie Curie (Paris 6). phase changes were not applied. The terms Dσ /Dt, F are the objective Jaumann stress time derivative and a functional, respectively. In the Lagrangian method, incremental displacements are added to the grid coordinates allowing the mesh to move and deform with the material. This allows for the solution of large-strain problems while using locally the small-strain formulation: on each time step the solution is obtained in local coordinates, which are then updated in a large-strain mode.
Solution of (A1) provides velocities at mesh points used for computation of element strains and of heat advectionu∇T . These strains are used in (A2) to calculate element stresses and equivalent forces used to compute velocities for the next time step. Due to the explicit approach, there are no convergence issues, which is rather common for implicit methods in case of non-linear rheologies. The algorithm automatically checks and adopts the internal time step using 0.1-0.5 of Courant's criterion of stability, which warrants stable solution.
A2 Explicit phase changes
Some test experiments (Fig. 11 ) have been completed using the direct solution for density, ρ = f (P, T), obtained from direct optimization of Gibbs free energy for a typical mineralogical composition (five main mineralogical components) of the mantle, plume and lithosphere material. With that goal, the thermodynamic PERPLEX algorithm (Connolly 2005) has been coupled with the main code via (A3a) to introduce progressive density changes rather than using a fixed density grid based on metamorphic facies alone. PERPLEX minimizes free Gibbs energy G for a given chemical composition to calculate an equilibrium mineralogical assemblage for given P-T conditions
where μ i is the chemical potential and N i the moles number for each component i constitutive of the assemblage. Given the mineralogical composition, the computation of density is straightforward (Yamato et al. 2007 (Yamato et al. , 2008 .
A3 Explicit elastic-viscous-plastic rheology
We use a serial (Maxwell type) body, in which the total strain increment in each numeric element is defined by a sum of elastic, viscous and brittle strain increments. Consequently, in contrast to fluid dynamic approaches, where non-viscous rheological terms are simulated using pseudo-plastic and pseudo-elastic viscous terms (e.g. Bercovici et al. 2001; Solomatov & Moresi 2000) , our method explicitly treats all rheological terms. The parameters of elastic-ductile-plastic rheology laws for crust and mantle come from rock mechanics data (Tables 2 and 3 ; Kirby & Kronenberg 1987; Kohlstedt et al. 1995) .
